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Seismic detection of transient changes beneath Black Rapids
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MarT NoraN, KEITH ECHELMEYER
Geophysical Institute, University of Alaska Fatrbanks, Fairbanks, Alaska 99775-7320, U.S.A.

ABSTRACT. Using changes observed in daily seismic reflections, we have investigated
the basal morphology of Black Rapids Glacier, Alaska, U.S.A. The englacial drainage of
ice-marginal lakes caused significant changes in the daily reflections, as well as dramatic
increases in basal motion. Changes in reflection arrival times and amplitudes indicate
that there is a basal till layer at least 5 m thick at some locations beneath this surge-type
glacier. Rapid changes in the observed reflection coefficients during the drainage events
indicate that changes in till properties must occur throughout the entire 5 m thick layer,
they must last for several days following the lake drainages and they must be completely
reversible over as little as 36 min. Our seismic analysis shows that changes in effective
pressure of the till are unlikely to cause the required changes in the reflection coeflicients,
but that a decrease in till saturation is likely. We therefore interpret the cause of the seismie
anomalies as being a temporary decrease in saturation as water is input to the subglacial
hydraulic system, and propose that such a change may occur quickly and reversibly by a
redistribution of overburden pressure. Higher water pressures within the hydraulic system
cause that region to support more of the glacier’s weight, leaving the remaining areas to
support less. Any till within these areas of decreased normal stress would experience a
consecuent decrease in pore-water pressure, causing gas to exolve, thus decreasing satura-
tion. This decrease in saturation would cause a change in the strength of the basal layer

and may affect basal dynamics.

INTRODUCTION

An understanding of the processes of basal motion is key to
answering questions of glacier surges, ice-stream motion and
seasonal variations in glacier speed. Most glaciologists sug-
gest that a decrease in effective pressure, the difference
between ice-overburden and subglacial water pressure, plays
an important role in basal motion, but the specific mechan-
isms remain unclear (c.g. Paterson, 1994; Willis, 1995). Models
of this motion fall into two general categories, based on the
nature of the bed. In hard-bed models, the bed is hypothe-
sized to be consolidated rock or undeformable sediment, and
sliding is the dominant mechanism. In soft-bed maodels, the
bed is composed of a till” that can deform. The soft-bed
models are complicated by the fact that two water pressures
are involved: that of the water within conduits or hydraul-
ically linked cavities, and that within the pore space of the
till. The bed of each glacier is unique and probably consists
of regions of both hard and soft beds, and it is likely that
effective pressure affects each glacier somewhat differently.
In the companion paper (Nolan and Echelmeyer, 1999;
here denoted N&E), we described the use of seismic reflec-

tion techniques to directly measure transient changes of

about 1km? of the bed of Black Rapids Glacier, Alaska,
US.A. (N&E, fig. 1), over a 45day period. These seismic
anomalies followed the sudden drainage of supraglacial
lakes (jokulhlaups) up-glacier of our study site, and were ac-

C \ - . . . .
Here we use Paterson’s (1994) definition of dll: any
deformable subglacial sediment, irrespective of'its origin.
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companied by large, temporary increases in basal motion.
We refer the reader to N&E for detailed descriptions of
Black Rapids Glacier, the experimental methods, basic seis-
mic theory, the observations, defining characteristics of the
“normal” and “anomalous” seismograms, and sample seis-
mograms. In the present paper we use the observed seismic
changes to determine the subglacial morphology and the
processes responsible for the changes. While we do not di-
rectly address the mechanisms of basal motion in this paper,
our observations and interpretations provide information on
the role of till parameters, such as effective pressure and
saturation, in basal processes occurring coincident with
abrupt changes in basal motion.

The observations described in N&E place both spatial
and temporal constraints on the possible causes of the seis-
mic anomalies. In this paper, we focus on the changes that
occurred to reflector PPy (N& E, fig. 6) which changed from
posilive to zero amplitude during the second and third
anomalies (Fig. 1). Any change responsible for the second
and third seismic anomalies must have occurred over the
horizontal resolution of this reflector, which is an area at
least 200m by 350 m (N & E). Coincident changes found
in the later-arriving reflections (e.g. PPs, multiple P-P) indi-
cate the bed changed over an area 700 m wide by 1300 m
long as well. Therefore, the responsible mechanism must
affect a large area, about | km?, in as short a time as 36 min
(as in the third anomaly), and vyet persist for as long as
2 days (as in the second anomaly) (N&E, fig. 10). Further,
these changes must be seismically reversible, i.e. the anom-
alous state reverts back completely to the original, normal
state (Fig. ; N&E, fig. 10).
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Fig. 1. Comparison of sample seismic traces that reveal
anomalies. The light trace shown in (@) is a normal trace that
is repeated as the light trace in (b—d ). In (¢), traces from ihe
second and third anomalies are compared. Most of the inter-
prelations in ths paper are based on the first P-P reflection,
which disappears during the second and third anomalies.
Comparisons of these traces, from geaphone 10, are typical of
those made with the remaining 23 geophones for each daily
record.

In the first section of the paper, we discuss the seismic
analysis methods we employed for comparing the various
possible morphologies with the constraints imposed by the
observations. In the next section, we use these methods to
test two morphological models: the transient formation or
thickening of a water layer between ice and rock (a hard-
bed model) and the transient change in one or more proper-
ties of a subglacial till layer (a soft-bed model). The hard-
bed model is shown to be insufficient to explain the seismic
anomalies adequately. In the final section, we concentrate
on the properties of till and how they can change in time.
We show that a temporary decrease in saturation of the till
or an increase in effective pressure are the only propertics
among the possibilities that we have identified that can
satisfy the observed reflection coefficient constraints, How-
ever, we have found no mechanism by which effective pres-
sure can increase within the measured time constraints. A
glaciological mechanism by which till saturation can tem-
porarily decrease is proposed.

SEISMIC THEORY

Ice, water, rock and tills each have a distinctive range of
three seismic parameters: P-wave speed (Vp), S-wave speed
(V5), and density (p). We use the observed seismic waves to
constrain these parameters, and thus constrain the possible
basal morphology.

Blankenship and others (1987) and Rooney and others
(1987) were able to generate and record both P-P and S-S
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reflections, and then use these waves to determine the basal
morphology of Ite Stream B (UpB), West Antarctica. Since
the ice stream has no steep valley walls, the reflecting inter-
faces were safely assumed to be vertically beneath the shot-
recciver axis. Thus the two refllections they measured were
interpreted as coming from the top and bottom of a basal
layer, and since S-waves cannot travel through water, the
slow basal layer had to be till. Layer thickness and wave
speeds were determined from travel times using common
depth point (CDP) methods. Knowledge of Vp was used to
constrain the till's porosity, and V5 constrained the effective
pressure in what was assumed to be a saturated tll.

Our travel-time information alone is inadequate for a
similar analysis, and we do not have incident S-waves to
work with. While the first P-P arrival (from reflector PPy
Fig. Ib) may be reflecting from the top of a ll layer, we
know that at least two of the subsequent P-P waves (from
PP¢ and PPy) are reflecting from other parts of the valley,
and not from the bottom of the layer beneath PPy. We can-
not single out any two reflections as defining the top and
bottom of the same till layer. Even with the 1997 drilling
data, we do not have enough information to confidently dis-
tinguish any particular reflection as coming from the
hottom of a till layer.

Direct measurements of Vp and V4. such as Blankenship
and others’ (1987), are the preferred method for constraining
morphology. Unfortunately, their method for reliably gen-
erating S-waves remains a mystery, as later experiments
conducted with nominally the same set-up failed to generate
them (personal communication from C. Bentley, 1996). The
inability to generate S-waves reliably is endemic o explora-
tion seismology, and alternative methods have been devel-
oped to help constrain Vg using only incident P-waves.

One such method involves the use of reflection coeffi-
cients, the theoretical ratio of the amplitude of the reflected
(P-P) or converted (P-SV) wave to the amplitude of the in-
cident wave, which is calculated by assigning the three seis-
mic parameters (Vp, Vg and p) to each of the two media at
an interface. Continuity of displacements and tractions then
leads to a set of non-linear equations giving the reflection
coctlicients as a function of the incidence angle. The seismic
parameters, and thus morphology, can be determined by in-
verting these equations using the observed reflection coeffi-
cients. This approach is similar to that used to determine
lithology and pore content by studying reflection amplitude
variation with increasing source-receiver offset (amplitude
vs offset (AVO) techniques). Most AVO literature concerns
the detection of spatial anomalies, but some studies have
successfully detected temporal changes (4-1D AVO), such as
those associated with steam injection into oil wells (Ito and
others, 1979; Tsingas and Kanasewich, 1991),

AVO analysis is often used for seismic exploration of gas-
or liquid-bearing rocks and sediments. Rocks generally
have similar densities and Vp/V5 ratios, but the presence of
only a few per cent gas or oil in the rock matrix can decrease
Vp by 50% while hardly affecting Vg (Murphy, 1982). These
variations lead to changes in the reflection coeflicient and
are often called “bright spots”. Unless Vg 1s known, however,
these bright spots cannot be confidently distinguished from
unrelated phenomena that produce the same result. S-wave
data are, unfortunately, usually lacking (as in our case), and
the Vp/Vs ratio cannot be determined directly. However,
this ratio strongly influences shear wave conversion at non-
normal incidence, and this in turn affects how reflection
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coefficients vary with incidence angle (Castagna, 1993;
Spratt and others, 1993).

There are several limitations to this approach. In prac-
tice, the amplitudes of reflected waves are often difficult to
determine because of interference {rom other waves, vari-
able source coupling and material inhomogeneity. On a val-
ley glacier, these problems are further compounded because
the U-shaped valley tends to focus energy from widely sepa-
rated points back toward the geophones that are located
along the glacier center line (Rathlisberger, 1972).

Reflection coefficients and AVO

A seismic reflection is caused by a discontinuity in particle
displacement arising from a contrast of sufficient magnitude
in either elastic (wave speeds and density) or anelastic (e.g.
attenuation, permeability; Bourbié and others, 1987) proper-
ties. The amplitude and polarity of the reflected wave are
dependent on the magnitude of these various contrasts and
on the wave’s incidence angle. This dependence is expressed
in the amplitude reflection coeflicient, R, defined as the ratio
of the amplitudes of the reflected and incident waves. it can
have an elastic, R, and an anelastic, R, component, At
normal incidence, the approximation ® = Ry + Rq is valid
(Bourbié and others, 1987; Nolan, 1997).

Bourbi¢ and Nur (1984) found that, under all conditions,
Rq was negligible for incidence angles greater than about
30°, and typically only important at smaller angles when
|Re1| was less than about 0.1. Although attenuation contrasts
can be quite large in glaciological situations, our conclu-
sions are similar to theirs in that for the incidence angles of
interest in this study (>457), the reflection coefficient due to
a contrast in attenuation is much smaller than the corres-
ponding elastic reflection coefficient. Therefore, we consider
only elastic contrasts (i.e. i = Ry in the following analysis.
A more detailed discussion of attenuation contrasts can be
found in Nolan (1997) as they are likely to be important in
glaciological seismic studies at near-normal incidence.

For reflections from the welded interface of two half-
spaces at normal incidence, the reflection coefficient for a
P-P reflection can be expressed simply as

P2Vez — piVes
Rep="—"—o (1)
p2Ve2 + pVe
where subscripts “1” and “2” specify the upper (incident
wave) and lower medium, respectively, and pVp is the
acoustic impedance of the medium. Note that when the
acoustic impedance of the lower medium is less than that of
the upper, a change in polarity is expected between the re-
flected and incident waves. We use “polarity™ to describe real
phase changes (i.e. 0° and 180°); imaginary phase changes
require velocity dispersion due to attenuation, which we
consider negligible for this part of our study. A reflection is
considered positive when the direction of first motion
matches that of the direct wave. The equations for reflection
coeflicients at non-normal incidence are considerably more
complicated because of P-to-SV conversion; these are the so-
called Zoeppritz equations (e.g. Aki and Richards, 1980).

For our daily records, the incidence angles for the P-P, P-
SV and multiple P-P waves were about 45557, 55-65" and
15-25°, respectively. These large incidence angles preclude
the use of Equation (1), for reasons made clear in Figure 2.
This figure shows examples of reflection coefficients derived
from the Zoeppritz equations for ice over half-space beds of
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Fig. 2. Example reflection coefficients vs incidence angle:
(a) P to P for half-spaces; (b) P to S for half-spaces; (c)
P to P for thin layers; (d) P to S for thin layers. The wave
speeds and densities used are given in Table 1.

rock, till and water as a function of incidence angle. Repre-
sentative densities and wave speeds for the media are given
in Table I; we use these values for calculating the results

Table 1. Wave speeds, densities and wavelengths for various

media
Medium Ve Vs Density Wavelength
ms ms ! kgm * m
lce 3704 1850 910 46
Rock 4200 2600 2700 53
Water 1412 0 1000 18
UpB till, max. 1700 130 2000 21
UpB ull, min. 1400 160 2000 18

Nates: Wavelengths are calculated assuming 80 Hz, the dominant frequency
of our reflections. lee values are discussed in N&E, appendix A. Rock
values are those given by Richards (1988). Till values (except wavelength)
were measured by Blankenship and others (1987) on Ice Stream B. Max-
imum and minimum values refer to effect on the reflection coefficients.
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shown in these figures. As canbe seen, both the polarity and
amplitude of P-Pand P-SV reflections can vary significantly
with incidence angle.

We include Figure 2, in part, because the only previous
plot of such data published in the Journal of Glaciology
(Richards, 1988) is in error. It appears that a minus sign
was lost in the application of the second equation of Aki
and Richards (1980, p. 150), causing all of his P-to-SV curves
to be of the wrong polarity. Such a difference has significant
implications for the seismic interpretation of changes at the
basal interface of Variegated Glacier, Alaska, during its
1982—-83 surge.

Before continuing our discussion of modeling basal mor-
phology, we take a closer look at the work of Blankenship
and others (1987) to emphasize the necessity of considering
amplitude and polarity variation with offset. When deter-
mining arrival times, Blankenship and others (1987) stated
that they picked the first trough and the first peak for reflec-
tions from the top and bottom of the till layer, respectively,
“because a phase reversal should occur between these arri-
vals, since the acoustic impedance in the till is less than in
the ice and presumably less also than in the substrate” While
the latter assumption is true at all incidence angles, a P-P
reflection from an ice/till interface will be negative only at
near-normal incidence (< 25%; Fig. 2a) for the wave speeds
and densities that they determine in their analysis. However,
the incidence angles of Blankenship and others ranged from
near-normal to 60°. As Figure 3a shows, the majority of
their reflections should not have had their assumed phase re-
versal. This means that the travel times used by these
authors are probably off by 1/4 period (either delayed or ad-
vanced, we cannot tell which). Such an error in travel time
would cause substantial errors in either their calculated
values of Vp, till thickness (hyy), or both. Using their fre-
quency of about 300 Hz, we estimate that the maximum
effect on one or the other parameter is about + 25%. Ifboth
parameters are equally in error, they would both be off by
about +20% (i.e. Vp = 1550 £300ms hin = 76 £1.5m),
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Fig. 5. Sewsmic support for the hard-bed model. Shaded region
is range of Vp for water due to uncertainty in pressure and
temperature. Il intersects the loct of (Vp.waters Vsice) that
yield Rpp (30°) = 0. This intersection is within the uncer-
tainty of the actual S<wave speed in lemperate ice, shown as
horizontal lines, indicating that water layers may be seis-
mically transparent at an incidence angle of 50°.
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which nearly doubles their range of uncertainty but keeps
the same central values.

Thin layers and vertical resolution

The Zoeppritz equations are delined for a welded interface
between two half-spaces. While 600m of ice can be re-
garded as a hall-space, basal layers of till or water might
not be. Here we apply these equations to layers thinner than
a seismic wavelength. We assume that a reflection from a
layer is observable at the seismometer if the source energy,
the size of the impedance contrast and the signal-to-noise
ratio arc all of sufficient magnitude, regardless of the thick-
ness of the layer.

Ricker (1953), Widess (1973) and Kallweit and Wood
(1962) provide useful criteria for determining what thickness
of layer can be detected and if its vertical extent can be re-
solved. The basic idea is that reflections from the top and
bottom of a layer can be distinguished accurately in practice
only when the layer is at least 1/4 wavelength () thick, due
to destructive interference. In what follows, we use the terms
“thick” and “thin” to distinguish between layers where we
can potentially resolve the top and bottom of the layer ac-
cording to this criterion, and those where we cannot, respec-
tively. For example, a water layer less than 5m thick is
considered thin (A = 18 m; Table 1). We model thick layers
as half-spaces (Fig. 2a and b) and thin layers as a part of a
three-layer system (Fig. 2¢c and d ).

However, as Widess (1973) and Koefoed and de Voogd
(1980) have shown, a layer may be detectable far below the
/4 wavelength limit, even though the top and bottom reflec-
tions are no longer distinguishable. In such cases, the ampli-
tude of a wave reflected from a thin layer is related to its
thickness by constructive superposition of the reflected
waves from the top and bottom of the layer. Therefore, tem-
poral changes in the seismic properties of such thin layers
should result in changes in amplitude of the reflections.

In our three-layer models, reflections from the top and
bottom of the thin middle layer add constructively. For very
thin layers, multiple reflections within the layer may also be
included if they, too, arrive within one half-cycle. The addi-
tional energy of these multiples is small, however, and, for
the case of'a thin till layer, we simply trace the incident wave
down through the middle layer, with a transmission coeffi-
cient, reflecting off the substrate (a till-rock reflection coef-
ficient) and back up into the ice (transmission). We modeled
the ice-water rock sandwich by analytically summing the
infinite series of multiples (similar to Richards, 1988).

Figure 2¢ and d show the theoretical response of thin
layers of water and UpB till between ice and rock. As can
be seen, the reflection from the bottom of the layer, at the
rock, dominates Rpp. In neither case does the reflection
from the lower interface destructively interfere with that
from the upper interface to yield Rpp = 0. These curves for
thin layers are typical for the probable range of their seismic
parameters. The significance of this will be clarified further
in the next section, when we enforce Rpp = 0 as an observa-
tional constraint,

Inversion of reflection coefficients

Our seismic measurements give us an estimate of the tem-
poral changes in P-P and P-SV reflection coefficients. The
Zoeppritz equations express these reflection coefficients as
non-linear functions of the seismic parameters (Vp, Vg, p)
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for the two media and the angle of incidence. We have rea-
sonable knowledge of these parameters for ice, and wish to
solve for those within the underlying material. However,
these equations cannot be analytically inverted without lin-
earization (c.g. Carazzone and Srnka, 1993; Demirbag and
others, 1993). Such linearization tends to break down for off-
sets greater than about 307, which is less than the minimum
value for P-P waves in our investigation. Therefore, we have
used a simple iterative approach by which we fix two of the
three seismic parameters (Vp, Vs and p) and iterate on the
third until the calculated reflection coefficient is sufficiently
close to that observed. This can be done for each parameter,
yielding the locus of points in (Vp, Vs, p)-space that leads to
a given reflection coefficient at a specified angle of inci-
dence, In some cases, one or more of the parameters for the
reflecting layer can be estimated a priori, such as for water
or bedrock, in which case the inversion is better constrained.
We use this approach herein.

BASAL MORPHOLOGY

Our goal in this section is to determine the basal morphol-
ogy using our seismic measurements. We do this by inverting
the observed reflection coefficients on normal and anoma-
lous days for the seismic parameters Vp, Vs and p of the
bed, and comparing these values to the physically permissi-
ble ranges for the hard- and soft-bed models. Use of this
method assumes that we can quantify Rpp, and that we can
specify the permissible ranges for Vp, Vs and pofice, water,
rock and till. Fach of these assumptions requires caution. Of
the seismic parameters, the only well-established values are
for water. The range of seismic parameters for the bedrock
beneath Black Rapids Glacier (granodiorite, diorite and me-
tasedimentary rocks) can also be estimated well enough for
our purposes (we use values from Richards (1988) inTable 1,
for consistency with Figure 2). For temperate ice, p is well
constrained, Vp is fairly well constrained (440ms 'J and
V4 is less constrained (£75ms Y (N&E). The values for till
are even more poorly constrained, and are discussed at
length in Appendix A.

Reflection coefficient on normal days

Quantification of reflection coefficients in seismic studies is
often difficult. For Black Rapids Glacier under what we
term normal conditions, we can estimate Rpp by comparing
P-P and multiple P-P reflection amplitudes (Rothlisberger,
1972; Smith, 1997). These techniques are valid only if both
waves are reflecting from the same location with the same
incidence angle, which we know is not true for our daily re-
flection data (N&E, fig. 7). These conditions are probably
met, however, for our longitudinal seismic section near zero
offset (N&E, fig. 4b). Using this method, the reflection coef=
ficient for the “normal” reflection is about 0.3.

Since this value of Rpp is measured at near-normal inci-
dence along the glacier center line, we can invert Equation
(1) for the acoustic impedance of the (half-space) bed:

1+ Rpp

ph(*rlifb('cl = pim'vru‘('- (2)
PP

1-R

Using densities given inTable | we obtain a value for Vp of
the lower half-space equal to 6191, 2319 and 2751 m s ', for a
lower half-space of water, rock and UpB till, respectively.
Under any reasonable conditions, Vp for water and till are
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calculated values. Thercfore
Rpp 22 0.3 indicates that the reflector at this location is
either consolidated bedrock or highly compacted, dense till,

or that a thin layer of water or till exists over rock (Fig. 2).

much lower than these

uncertainties inherent in this

approach. First, we assume that the primary and multiple

There are several

reflectors overlap and are at normal incidence. Second, the
attenuation of temperate ice, used in this calculation, is not
well known. Third, at normal incidence, the reflection coef-
ficient for many reasonable tills is close to zero, and thus the
top of such a layer could be seismically transparent at zero
offset. In this last case, the measured Rpp would be that of
the lower interface of a till layer (i.e. the till/rock interface).
Because of these uncertainties, and the ambiguities of the
resulting wave speeds, we cannot use this value of Rpp alone
to distinguish between hard- and soft-bed models. Instead,
we determine an Rpp during the second and third anoma-
lies and use it to further constrain the bed morphologies.

Reflection coefficient during anomalies

As already stated, the seismic observation that places the
tightest constraints on bed morphology is the change in
PPy during the second and third anomalies. During these
anomalics, the amplitude of this reflection decreased from
a positive value (perhaps as high as 0.3) to zero on all geo-
phones (Fig. 1). In N& E we discuss why we believe this wave
disappeared and was not simply delayed. The average inci-
dence angle across the geophones for PPy was 50°. We use
the shorthand Rpp (507) = 0 to refer to this constraint of a
zero rellection coefficient for PPy under anomalous condi-
tions. We have more confidence in this reflection cocfficient
than in the “normal” value at 0° (Rpp (07) 22 0.3) because of
the latter’s inherent uncertainties, as described above.

There is, however, still some uncertainty in the anoma-
lous Rpp. Theoretically, any non-zero Rpp should produce a
reflection and it seems unlikely that the reflection coefficient
would become exactly zero. So why is there no reflection at
the ice/till interface? Practically, attenuation and our finite
signal-to-noise ratio (5/N) creates a range |'Rpp| that can be
considered “effectively zero™ We tried stacking the several
anomalous traces to increase the S/N, but no signal emerged
at the normal PPy, time. Ifit had, there would be little doubt
that the anomalous first arrival is not a delayed normal first
arrival. The anomalous first arrival seems to exist on the
normal traces (Fig 1), although it cannot be determined de-
finitely because of superposition of the preceding wave. The
fact remains, however, that no plausible mechanism has
been identified that can delay a reflection by a full wave
period (N&E). At the end of the paper we demonstrate that
reasonable values of till wave speeds and density could cause
an ice/till reflection coefficient to be “effectively zero” over a
hroad range of angles.

The range of what can be considered an amplitude of ef-
fectively zero is somewhat arbitrary, but we can limit this
range based on the observations of other researchers. Blan-
kenship and others (1987) state a range of Vp and pvalues for
their basal till layer that yields —0.03 < Rpp <0.01 at nor-
mal incidence (from Fig. 2a), and their reflections were
clearly above the noise. Atre and Bentley (1993), examining
the same records, reported that Rpp was positive at near-
normal incidence. Anelastic effects should play a role at
these incidence angles, however, and might add as much as
+0.1 to the value of Rpp shown in Figure 2a (Bourhi¢ and
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others, 1987). 1f so, Blankenship and others’ range of wave

speeds and densities would always vield a positive value of

Rpp as determined from scismograms. Reflection coeffi-
cients of around 0,05-0.1, measured [rom clearly visible re-
flections, are often reported in the literature (e.g. Bentley,
1971; Smith, 1997). Based on these and other seismic explora-
tion studies, we adopt [Rpp|< 001 as “effectively zero”
Thus, the constraints we use in our study are Rpp
(50”) < 001 (and, more likely, < 0.05 and possibly as high
as 0.3) for the normal PPy reflections and Rpp (507) =0 (i.c.
Rpp (50%)| < 0.01) during the second and third anomalies.

The hard-bed model

In our hard-bed model, we hypothesize that basal motion is
the result of ice sliding over bedrock, and that, during the
Jokulhlaups, increased water and water pressure at the bed
led to increased basal motion and somewhat synchronous
changes in the seismic reflections. Using the change in Rpp
from normal to anomalous states, we can test whether the
anomalous state is caused either by a change in thickness or
arcal extent of an existing subglacial water layer or by the
formation of a new water layer. During normal conditions,
we assume that only thin layers, @ (1 em), are present at the
bed (Weertman, 1964). We then invert the half-space and
thin-layer models for the anomalous conditions.

For water, V4 is zero, and p is nearly constant
(21000 kg m *) over the pressure (P) and temperature (T)
range we consider likely at the bed. Vp varies somewhat
under these conditions; Wilson's (1959) study of Ve (P, T)for
water limits the range to 1403-1425ms 'near 0°C and P €
[0, 6 MPa]. Here we assume that the salinity of the sub-
glacial water is low.

Under the condition that Rpp (50°) =0, we find that a
water layer beneath the glacier can indeed produce a zero
reflection coeflicient (Fig. 3) within the reasonable range for
Vs of temperate ice given in'lable 1. In this figure we plot Vg
for ice against Vp for water (shaded region), subject to the
constraint of a zero reflection coefficient at 50° (the solid
curve). For water at 0°C and 54 MPa (600 m of ice), Vp =
I41lms ' (Wilson, 1959). This corresponds to Vg = 1911 ms '
for ice, which is both within our range of uncertainty and less
than the value of 1944 ms ' determined hy Blankenship and
others (1987) at Ice Stream B, as expected for our warmer ice.

The possibility exists, therefore, that water at the bed is

seismically transparent (Rpp = 0) at an incidence angle of

50°. This means that we cannot detect the presence of a
water film in the normal state or the formation of a new
water layer at a hard-bed interface, except by the increase
in travel time it would cause. From Figure 1, the increase in
first-reflection-arrival travel time is about 10 ms. If the sole
cause of this increase in two-way travel time was the forma-
tion of a water layer, such a layer would have to be at least
7m thick, determined using Vp warer = 1414 £ 11ms . De-
structive interference at 50° within a thin (i.e. < 5m) water
layer is not a tenable conclusion, because the strong reflee-
tion from the lower (water/rock) interface gives rise (o a
large overall reflection coefficient with such a thin layer, as
can be seen in Figure 2¢.

The hypothesis of a hard bed and the observed change in
reflected waves from the northern side of the valley thus
leads to the conclusion that a water layer of thickness greater
than 7m temporarily formed, and then quickly disap-
peared, between the ice and bedrock at the PPy reflector.
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This layer must extend nearly continuously over an area
with dimensions of at least 200 m by 350 m. Such a layer is
not glaciologically reasonable nor was the required surface
uplift observed by surveying (Fig. la). This conclusion does
not change even if the water layer is underlain by a soft bed
instead of hedrock.

Thus it seems unlikely that transient water layers of any
thickness can produce the observed seismic effects — thin
ones based on seismic reflection theory and thick ones based
on glaciological considerations. We cannot seismically rule
out the possibility that thin water layers formed, but we
can state that they were not the sole cause of the observed
changes.

The soft-bed model

In the sofi-bed model, we hypothesize that a till layer at PPy
becomes seismically  transparent  (i.e. Rpp=0) during
anomalies IT and 111, causing the 10 ms delay in first reflec-
tion arrival (Fig. 1), due to a change in one or more its proper-
ties (i.e. porosity, effective pressure, saturation). As there is
then no reflection from the top of the layer, the anomalous
first reflected arrival is then either from the base of the till
layer or from a different part of the bed (e.g, nearer to PP,
in N&L, fig 6. We can constrain the minimum thickness of
this layer to be 5 m by assuming that the entire 10 ms (two-
way travel time) was caused by a change in acoustic proper-
ties within it, using a (conservative) minimum Vp of
1000ms ' (ie. 10ms x 1000ms /2 = 5). We refer to this as
the seismic thickness of the layer. This minimum thickness
does not assume that the first anomalous arrival comes from
a tll/bedrock interface, although the following evidence sug-
gests it

When we began this work in 1993, we had no a priori in-
formation about the basal morphology of Black Rapids
Glacicer, and the preceding analysis was the first direct evi-
dence that a thick subglacial till layer existed beneath the
glacier. During spring 1997, basal cores were retrieved at
locations measured seismically (i.e. reflectors PPy and
PPc; N&E, fig. 6) as part of the University of Alaska’s on-
going rescarch program on Black Rapids Glacier (W. Har-
rison, M. Truffer, K. Echelmeyer, R. Motyka and M. Nolan,
unpublished data ). These cores provide conclusive evidence
that this glacier is underlain by a thick tll layer (6 4&£1m) at
these sites, providing a “ground truth” for our seismic inter-
pretations of basal morphology, and substantiating this
method of determining morphology based on observed tem-
poral changes. Thus a till/bedrock reflection should exist in
both the normal and anomalous measurements, and it is
likely that the first anomalous arrival is such a refllection
based on its arrival time.

Any changes in the scismic parameters (Vp, V5, p) must
occur over the entire seismic thickness such that both the
ice/till interface becomes transparent and no new seismic in-
terface forms within about 5m of the ice/till interface. If
some change occurred at the interface that caused it to
become transparent but also created a till/till interface (be-
neath it) with a contrast in either wave speeds or density, we
should have observed a reflection sooner than 10 ms. A gra-
dational change in till properties with depth causing the in-
cident wave to bend or reflect at a new angle (i.e. other than
the two-layer Snell’s law angle) is also unlikely. This bending
phenomenon is well known to occur in earthquake waves
that travel downward through increasingly dense and faster
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media. However these changes occur over tens of seismic
wavelengths, not tenths as would be required within a till
layer. In either case, the angle at which a wave reflects is
controlled by the contrast in wave speed, not acoustic im-
pedance. We cannot completely rule out the possibility that
gradational changes could account for our observations, but
consider them so unlikely that we do not consider them
further.

The seismic properties of tills are dependent on a num-
ber of factors (sce Appendix A for a detailed discussion).
The grain-size distribution, as well as the shape of the grains
and their pore space, significantly affects both the wave
speeds — by hundreds of meters per second —and the way
in which these speeds depend on effective pressure. Porosity
(@), defined as the percentage of the total volume that is
pore space, and saturation (5), the percentage of this pore
space that is water-filled, both strongly affect the wave
speeds. Further, given any one combination of these physical
variables, changes in the in situ effective pressure also have a
large cffect on wave speeds. Based on the discussion in
Appendix A, we consider the permissible range of seismic
parameters for subglacial tills to be Vp € [1000, 2100] m s,
Vs € [150, 550] m s and p € [2000, 2330] kg m . The den-
sity of a fully saturated till 1s related to the porosity by

il = ¢pw + (1 — &)p; (3)
where p, is the density of water filling the pore space, p; is the
density of the solid matrix, and porosity is expressed as a frac-
tion. The range of density above is calculated from Equation
(3), using p; = 2700 kgm 3 and a range of porosity of 20~
40%.

A zero reflection coefficient for a thin till layer with prop-
erties within these ranges is not likely (Fig. 2¢). Inversion of
a model with a thin till layer over bedrock and Rpp (507) =
0 yields a maximum P-wave velocity of about 600 m gl
given a reasonable range of Vg and p. This speed leads to a
violation of the assumptions behind the thin-layer model: if
the wave speed were 600 m s ', the layer thickness would
need to be at least 3m (i.e.600 ms ' x 10 ms/2). This exceeds
the M4 (= 1.9 m) limit that defines the thin-layer model, and
a zero reflection coefficient for the thin layer could not be
obtained. Thus, any solutions involving till must be found
using the thick-layer (half-space) model.

The seismic parameters that lead to a zero reflection
cocfficient at an ice/till interface in a thick layer model are
shown in Figure 4. Each of the solid curves in this figure
represents those values of Vp and p (or, equivalently, poros-
ity) for which Rpp (50°) = 0 at a fixed value of Vs. Para-
meters yielding Rpp (50°) > 0, the constraint for the
normal state, are to the upper right of the appropriate Vg
curve. For example, the symbol labeled UpB marks the re-
flection coefficient obtained using the best estimate of Vp
(1700 ms '), Vs (145 m s ) and ¢ (0.35) for Ice Stream B till
as given by Blankenship and others (1987); this yields Rpp
(507) = 0.185, which is to the right of the ®pp = 0 curve for
this value of Vi. This figure also shows that, for a given 5-
wave speed, there are continuous ranges of Vp and p that
lead to Rpp (507) 22 0. Also shown in Figure 4 are regression
curves from various researchers (discussed in Appendix A)
that loosely constrain a corridor of physically acceptable Vp
as a function of fully saturated porosity.

If a temporary increase in fully saturated porosity (i.e.
with no change in saturation) were solely responsible for
the seismic anomalies, Figure 4 indicates that the porosity
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throughout a 5m thickness of till would have to change
from less than about 30% in the normal state to more than
50% in the anomalous state. The reverse process would have
to take place in less than 36 min. Not only is a porosity of
50% unlikely, but several studies have shown that such a
large change is not possible for a till with typical permeabil-
ity.

Clarke (1987) modeled changes in porosity within a till
layer due to increased water pressure at the ice/till interface.
Deformational dilatation of the till near the interface led to
a 12% increase in porosity there, but ¢ was unchanged
below about 0.5m, even after 50 hours. Further, these
changes were not completely reversible. Similarly, Boulton
and Hindmarsh (1987) indicate that time-scales of thou-
sands of years are required to change porosity by 15% at
depths of several meters.

The remaining analysis relies on knowing whether we
can consider till “drained” or “undrained” on the time-scale
of hours. Here we use “drained” to mean that the pore water
is free to leave the pore space in response to changes in pore-
water pressure caused by increased normal stress (as well as
the reverse process). We use “undrained” to mean that the
amount of the pore water is not free to change on the time-
scale of interest. A change in the amount of pore water is
driven by a gradient in pore-water pressure, Py Till will
respond (o changes in pore-water pressure in an undrained
manner on the time-scale of hours because changes in the
amount of pore water at 5m depth require a high-pressure
source to exist for hundreds of hours. This is because such
changes are normally governed by a diffusional process,
with a diffusivity & that depends on the porosity, compressi-
bility and permeability of the till, as well as the properties of
the pore water itself (de Marsily, 1986); k ranges from about
4%10 * 10 6x10 " m*s’
able tills have the larger diffusivities. From the cores recov-
ered in 1997, we now know that Black Rapids Glacier till is
characterized by a broad range of grain-sizes, from large
cobbles to silt, and so is at the middle to lower end of this
range of diffusivity. Standard analysis shows that the char-

(Paterson, 1994). Coarse, perme-
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acteristic time, 7, required for an abrupt change in Py to
propagate a distance z down into a till layer is given by:
X

TR (4)
The amplitude of the pressure pulse at depth z at time 7 is
about 15% of that applied at the surface. For example, an
abrupt pore-water pressure change at the top of the till layer
would propagate only 007-1.8m (depending on k) in
36 min, at which depth it would have a relative magnitude
of only 15%. For a 5 m thick layer of Black Rapids Glacier
till. this diffusion time is on the order of hundreds of hours,
significantly longer than the 36 min required by our obser-
vations. Therefore, pore-water pressure, and thus the
amount of pore water, is not likely to change quickly in re-
sponse to a rapid increase in hydraulic system pressure
caused by the jokulhlaups.

Since significant changes in till density are mainly due to
changes in the amount of pore water, we believe that the
density of the subglacial dll did not change substantially
during the seismic anomalies. In the remaining analysis,
we must use a constant assumed density (porosity) because
our seismic measurements do not provide a direct measure-
ment of it. Typical values of till porosity lie in the range 20—
40% (Boulton and others, 1974; Alley and others, 1987; Boul-
ton and Hindmarsh, 1987; Clarke, 1987; Kamb, 1991; Fred-
lund and Rahardjo, 1993). However, as the till found
beneath Ice Stream B (which defines the upper limit of this
range) has an anomalously high clay content (Tulaczyk and
others, 1998) and consists of ocean-deposited sediments, it is
probably not representative of subglacial tills of valley
glaciers. We therefore assumed a more realistic porosity of
25% for Black Rapids Glacier till (p = 2250kgm * from
Equation (3)), noting that our interpretations are valid for
any porosity within the range 20-40%.

Curves of constant reflection coellicient as a function of
Vp and V5 for a fixed density (porosity) are shown in Figure
3. The regions enclosed in shaded rectangles in Figure 5
show our estimates of the permissible ranges of Vp and V5
for fully and partially saturated tills. Use of a different den-
sity simply shifts the curves left or right in this figure. For
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Fig. 5. Seismic support for the soft-bed model. Shown are the
loct of setsmic parameters (Vp, Vs) that yield a constant Rpp
(50°) (as annotated) for o= 23% . Shaded regions are per-
missible range of wave speeds of (il ( Appendix A). Loci for
the normal state ( positive Rpp ) and the anomalous state
( Rpp = 0) lie within the permissible ranges.
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example, if we used 20% or 40% porosity, the Rpp (507) =
0 curve would be located at approximately the Rpp (50°) =
-0.0l and +0.02 curves shown for ¢ = 25%, respectively. As
can be seen in this figure, solutions of (Vp, Vs, p) for both the
normal (Rpp >0) and anomalous (Rpp = 0) states exist
within the seismic parameter space for till, and our some-
what arbitrary choice of ¢ = 25% does not affect this con-
clusion. Thus we find that both the normal and anomalous
seismic states can be accommodated by a model with a thick
subglacial till layer.

Figure 5 can also be used to determine the minimum
changes in seismic parameters that are necessary to change
from the normal to anomalous states. If we assume that a
minimum decrease in Rpp of (.01 is required to change from
one state to another, then, from Figure 6, we see that only
processes which decrease Vp by at least 40 ms ', increase
Vs by at least 25ms | or both, can account for our obser-
vations. It is likely that the reflection coefficient in the nor-
mal state is greater than 0.01, as discussed earlier, and thus
much larger changes in Vp and/or Vs would be required. For
example, if Rpp = 0.3 in the normal state, then Vp would
need to decrease by over 1000 m s 'to cause the anomalies.

—_
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Increasing Saturation ————

Pore-air Pressure

___/

Pore-water Pressure

Pore-air or Pore-water Pressure

o

Normal Stress

)

Fig. 6. Pore-water and pove-air pressure in undrained lill as
Junctions of normal stress ( overburden ). When the till is fully
saturated, changes in normal stress cause a corresponding
change in pore-water pressure, and the effective pressure re-
mains constant. As the normal stress decreases, however, air
exolves from the pore water, causing saturation to decrease.
Adapted from Fredlund and Rahardjo (1993, fig. 8.8).

CAUSES OF THE SEISMIC ANOMALIES

Knowing that the permissible wave speeds and density of
till fall within the range required by our observations is a
necessary, but not sufficient, condition for validation of a
soft-bed model. We need to determine whether any of the
physical properties of till can affect these seismic parameters
in the required manner, as well as find a mechanism that
acts reversibly within 36 min through at least a 5m thick-
ness. Our analysis of the possibilities has led us to propose a
new glaciologic mechanism for such changes, as no other
mechanisms were found to be sufficient. We propose that
the seismic anomalies are caused by a decrease in satura-
tion, due probably to a local redistribution of the normal
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stress (overburden, P,) on the till. In this section we discuss
how a local decrease in normal stress can decrease pore-
water pressure, Cauh‘ing gas to exolve and saturation to
decrease. We then test this model using reflection amplitude
changes during the anomalies. Finally, we discuss why
changes in the effective pressure of the till are not as likely,
and end with a discussion of the effects of decreasing satura-
tion on the shear strength of till.

Proposed mechanism for changing seismic proper-
ties of till in situ

We propose that Black Rapids Glacier till may change from
fully saturated in the normal state to partially saturated in
the anomalous state. I a large change occurred in the nor-
mal stress exerted by the ice on a fully saturated till, the
pore-water pressure would decrease sufliciently to cause
gases dissolved in the pore water (perhaps originally en-
trapped in basal ice and liberated by melting) to come out
of solution, thus decreasing saturation to less than 100%,
The saturation change occurs by inercasing the pore space,
nat decreasing pore<water volume, and the process of gases exol-
ving and dissolving is controlled by the pore-water pressure,
not the effective pressure. It is completely reversible, can
occur on a time-scale of minutes, and has been widely recog-
nized in soil mechanics (Fredlund and Rahardjo, 1993; Ter-
zaghi and others, 1996).

If a conduit system becomes pressurized during a rapid
input of water to the basal hydraulic system, the water pres-
sure may exceed the local normal stress and hydraulically
jack up the ice in a localized region (Iken and Bindschadler,
1986; Kamb and Engelhardt, 1987). Such transient increases
in local water pressure have often been observed in bore-
holes, including those on Black Rapids Glacier. If* the
increase in water pressure is confined to the neighborhood
of the conduits, then, because of the viscoelastic properties
of ice, the region outside this neighborhood may experience
a drop in local normal stress at the ice/till interface. The
clastic strength of the ice can act temporarily like a bridge,
spanning over the till and transferring the weight of the ice
to fewer supports. The span over which such a stress redistri-
bution occurs could possibly be quite small if feeder con-
duits or linked cavities of the hydraulic system were located
within the reflector area. It is only required in our model
that the normal stress over the seismic footprint be reduced
on average, as small regions of higher normal stress (i.c.
near conduits or water layers) within this area would prob-
ably be seismically undetectable at 50” incidence.

Such a process could redistribute normal stress over a
potentially large arca of the bed and be essentially reversi-
ble. The complex basal geometry of a valley glacier may
lead to jacking not only in the longitudinal direction (e.g.
Iken, 1981) but transversely as well. The change from the
anomalous to the normal seismic state could occur quickly
(such as in the third anomaly) due to a sudden drop in water
pressure of the hydraulic system, or slowly (such as in the
second anomaly) by viscous relaxation. Considering that
the Maxwell time, a measure of viscoelasticity, for ice is on
the order of a few hours, it is plausible that a sufficient load
redistribution may last many hours.

Decreases in normal stress lead to a decrease in pore-
water pressure in undrained tills (Fredlund and Rahardjo,
1993), as seen in Figure 6. As the pore-water pressure drops,
dissolved gases (probably air, in this case) will exolve (Fig.
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6). The exolved gas fills the concomitant increase in pore
volume. As the till is undrained within our time-scale (i.e.
pore-water mass 1s constant), the porosity must also be in-
creasing slightly. This process is well documented in soil me-
chanics (c.g. Todd and Simmons, 1972; Fredlund and
Rahardjo, 1993), but is complex and highly dependent on
grain-size distribution and strain history. Therefore there is
no simple way to calculate the point on Figure 6 at which
exolution begins; Iredlund and Rahardjo (1993) present
data which suggests this point is about 2 MPa, which is the
same order as local overburden pressure. Also noteworthy
in Figure 6 is that pore-water pressure can be negative while
the soil is still under a substantial load.

As will be discussed in the next section, a drop in satura-
tion from 100% to 97% would cause major changes in the
seismic reflections. This 3% decrease can occur if there is a
0.05 m increase in thickness of a 5 m thick till layer with an
initial porosity of 25%. Following the second and third

jokulhlaups, we observed increases in surface elevation near

the glacier center line of up to 0.15 £0.05 m (Iig. 1); thisis on
the same order as that observed on other glaciers (Tken and
Bindschadler, 1986; Kamb and Engelhardt, 1987). While
some of the total elevation change can be ascribed to long-
itudinal compressive strain in the ice, it is plausible that as
much as one-third of it (i.e. 0.05 m) is due to a true uplift at
the hottom. Note, however, that such a large decrease in
saturation is not required to satisfy this model: a decrease
of only several tenths of a per cent from full saturation can
meet the minimum seismic constraint of a change from
positive to zero reflection coeflicient. The uplift required to
make such a small change occur is below our surveying reso-
lution.

Tills can either dilate or compress during shear, depend-
ing on their physical properties and strain history. This
would either decrease or increase pore-water pressure, re-
spectively, in an undrained till; the former could potentially
cause a decrease in saturation. Such a change in saturation
would be confined to the dilated layer, which would be
much less than 5m in our case (e.g. Clarke, 1987), and is
therefore not a valid mechanism to explain the observed
anomalies.

Laboratory measurements have qualitatively documen-
ted the type of seismic changes we propose bencath Black
Rapids Glacier. For example, in an experiment on saturated
limestone, lodd and Simmons (1972) found that Vp dropped
instantaneously as confining pressure was dropped. After
several hours in a water bath, Vp rose to the expected speed
for a fully saturated sample at the new pressure. lodd and
Simmons interpreted this as a rapid opening of pre-existing
thin cracks, causing saturation to decrease (an initial un-
drained response), followed by slow filling of the new pore
space with water (a drained response).

Effects of a change in saturation on the reflection
coefficients

Exploration seismologists searching for hydrocarbons look
for large spatial anomalies caused by gas-filled pore space.
This is because saturation affects wave speeds, which in turn
affects R. Since we can only speculate about the magnitude
of temporal changes, if any, in saturation, this test of our
model is limited o determining whether a decrease in
saturation will decrease i, as required by the observations.

Glaciologists usually assume that subglacial tills are fully
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saturated, but few direct observations have confirmed this.
Over long time-scales, however, full saturation does seem to
be a reasonable assumption, considering that there is a con-
stant supply of water to the till. Further, full saturation is im-
plicit for most theories of till deformation because they
entail a single stress-state variable for effective stress (i.e.
FPep = P, — P to describe the mechanical behavior of the
till). Although considerable soil mechanics research has
hl](.)\-\ n that the mechanical aspects of a saturated soil,
including volume change and shear strength, are governed
by this effective stress, it does not sufficiently describe the
behavior of unsaturated soils. In this case, two independent
stress-state variables are required, as discussed later. We
assume that in situ Black Rapids Glacier till is fully satu-
rated under normal conditions.

Numerous laboratory studies have shown that a decrease
in saturation from 100% to 97 % causes a substantial decrease
in Vp, while V5 remains unaffected, as shown in Figure 7a
and summarized in Table 2a (sec also Appendix B). As the
saturation is decreased even further, both Vp and Vg increase
slightly: dry values (5= 0%) are generally about 5% higher
than the minimum reached near S = 97%. Unconsolidated
sediments show a larger relative decrease (50-70%) than
consolidated sediments and other rocks (40-60%),
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Fig. 7. Effects of changes in saturation and effective pressure
on seismic wave speeds. T hese curves are adapted from a vari-
ety of authors from measurements of vock and soil samples ( see
Appendices B and C). In (a ), a small decrease in saturation
is seen to have a large effect on Vi but not on Vs, Subseript
1007 implies S = 100% . In (b), fully saturated Vi is seen
to be relatively insensitive to changes in effective pressure,
while partially saturated Vp is abouf as sensitive as Vs (at
any saturation ).

Changes in Vp and V5 due to a decrease in S are plotted
invector form in Figure 8. Here we use the central value as a
likely, yet arbitrary, normal state. We find that a decrease in
saturation decreases Rpp (507), as required to satisly our
observations. In the example in Figure 8, we have used a
conservative 25% decrease in Vp, but much larger changes
are possible (e.g. Fig. 7a). In fact, changes due to saturation

can reasonably produce a change from Rpp (507) = 0.3 to

https://doi.org/10.3189/50022143000003117 Published online by Cambridge University Press

Table 2. Summary of literature revieww of values of changes in

Vp and Vs for till

{a) Expected variation for a decrease in saturation from 100% to 97% at
constant effective pressure for consolidated and unconsolidated samples. In-
termediate values should be expected for saturations of 97-100% . Percen-
tages given are those of the fully saturated value. See Appendix B for
details.

Likely percentage decrease due to a decrease in
S from 100% 10 97 %

0,
o

Consolidated rock

AVp/Vp 40-60
AVsIVs 5
Unconsolidated rock
Vo Ve 50-70
Vs Vs 5

(b) Expected decrease in wave speeds due to a decrease in effective pressure
from 800 o 100kPa for fully 100%) and partially (<97%) saturated
samples.

Expected decrease due a 700 kPa decrease in Py

ms
Fully saturated
Vi < 100
Vy ~ 200
Parually saturated
Vie ~ 200
Vs ~ 200
600 1 - : .
Rpp(50)=ﬂ1/ o/ /01 .05 10
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soof g’ i
‘_E‘ | “'g 20
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Fig. 8 Changes in saturation and effective pressure that sup-
port the soft-bed model. The curves are (Vp, Vs) loci of con-
stant Rpp (50°) (as annotated ). The normal state is
represented by a positive Rpp (50° ). and the anomalous state
by Rpp (50°) 22 0. The shaded regions are the permissible
values Vp and Vs _for partially and fully saturated tills. The
vector labeled “Saturation™ vepresents a minimum change in
Rep due to a decrease in saturation from 100% to 97%
The vector labeled “Effective Pressure™ represents the likely
change in Rpp due to an increase in Puy from 100 to
800 kFa. Both of these vectors point towards the anomalous
state gwen an arbitrary starting-point within the normal
state, and their divection will not change due to larger or smal-
ler changes in Pegg or S.

141


https://doi.org/10.3189/S0022143000003117

Journal of Glaciology

zero, our most stringent seismic constraint. Only a 0.1%
decrease in S is required to meet the minimum recpuired
decrease in Rpp of 0.0L

The ellects of the decrease in saturation shown in Figure
8 across the entire range of incident angles are shown in Iig-
ure 9. There it can be seen that Rpp 220 over a broad range
of incident angles (about 30-55°). In this scenario, the con-
clusions regarding saturation cffects are not sensitive to our
estimate of 507

05F-

05

Reflection coefficients
2
F
5

A H i I ! i
0 10 20 30 40 50 60 70
Incidence angle (degrees)

Fig. 9. Example normal- and anomalous-state reflection coef~
ficients. The anomalous reflection coefficients are nearly zero
across a hroad range of incidence angles, indicating that our
results are not sensitive to the estimaled incidence angle of
50°. The normal curve is caleulated from Vp = 1800 m o
Vis = 350ms ' and p= 2250 ke m ~. The anomalous curve
differs only in that Vp = 1500 m s ' a change that can be
caused by a decrease in saluration ( Fig. 8).

Unsaturated tills have a significantly higher attenuation
than saturated tills (Palmer and Traviolia, 1980; Dvorkin
and others, 1995). In this way, an unsaturated till layer would
act analogously to an acoustic ceiling tile, an analogy first
suggested by Richards (1988) for the weak basal layer of
Variegated Glacier during its 1982 surge.

Shortcomings of changes in effective pressure

Most theories of basal motion suggest that decreased cffec-
tive pressure (P, — Py ) within till leads to increased defor-
mation there (Paterson, 1994). In this section, we show thatif
a change in effective pressure was solely responsible for the
anomalies, the observed reflection coefficients indicate that
it must increase at reflector PPy. Further, we show that the
only way that effective pressure can change in an undrained
till is for the saturation to decrease in response to a decrease
in local normal stress.

Reflection coefficients can determine the direction of
change in effective pressure because increased effective pres-
sure tends to make tighter grain-to-grain contacts, which
increases wave speeds, while decreased eflective pressure
decreases wave speeds. Py affects Vp and Vs differently, de-
pending on saturation, grain-size and microstructure
(Appendix C). Using relations of Vp (Pegr) and V5 ( Fer) from
the literature (e.g. Fig. 7b), we can determine the effects of
P.gr on Rpp using the curves in Figure 8.

As in the analysis of the effects of saturation, we cannot
determine the actual magnitude of the effect on R due to a
change in effective pressure, because we do not know the
initial speeds or the change in Fy. We can, however, use
the relative change in Vp and Vs for an assumed change in
P.i; to determine whether an increase or decrease in Py 1s
required to decrease R during the seismic anomalies. We
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assumed a change of 100-800 kPa, which is within the range
of pressures measured in boreholes on Black Rapids Glacier
in 1996 (personal communication from M. Truffer, 1996).
While horchole water levels do not directly measure P in
the till, we expect that such changes are within this range.
Table 2b summarizes the results of a literature review (de-
tails in Appendix C). An increase in Fuy from 100 to
800 kPa would increase Vp till by less than 100m s 'for a
fully saturated glacial till and by about 200 ms "for a par-
tially (< 97%) saturated one. V5 should increase by about
200 ms ' at any saturation.

The effects on Rpp are shown in Figure 8. Here we chose
the same central “normal-state” (Vp, V5) values as before.
The vector labeled “Effective Pressure” indicates the magni-
tude and direction of change in Rpp(507) due to an increase
in effective pressure from 100 to 800 kPa. As can be seen, the
vector points towards the anomalous state (Rpp (50°) = 0),
albeit obliquely. An increase in effective pressure during the
anomalies is therefore a valid solution to the reflection coel=
ficient constraints, But because of its obliqueness, it is not
nearly as robust a solution as a change in saturation, and
requires tighter constraints on the normal-state wave
speeds. A decrease in effective pressure causes the vector to
point away from the anomalous state. Our choice of the
range for Py does not affect these results.

These results show that R is much more sensitive to
saturation than to effective pressure. Thus, the vector sum
of a 3% decrease in saturation and any reasonable decrease
or increase in effective pressure will also decrease R,

While an increase in effective pressure is a valid solution
for the reflection coeflicient constraints, we have found no
mechanism by which it can increase without a coincident
change in saturation. Because Py = I, — By for a fully
saturated till, and noting that we have already ruled out
changes in pore-water pressure, the local overburden must
change. However, because the compressibility of water is
much less than the compressibility of the soil structure, any
increase in overburden in an undrained till is almost en-
tirely transferred to the pore water (Fredlund and Rahard-

jo, 1993, section 8.2.3). Thus, the effective pressure of a fully

saturated, undrained till cannot be changed due to a change
in normal stress (overburden) because there is a concomi-
tant change in pore-water pressure such that the effective
pressure remains constant (Fig. 6). It is only when the
saturation is less than 100% that the effective pressure will
change due to a change in overburden, as indicated by the
bifurcation in Figure 6.

Shear strength of unsaturated till

The single-variable effective stress concept breaks down in
an unsaturated till. Two independent stress-state variables
are required for unsaturated soils because of their inherent
suction, the magnitude of which depends on the grain-size
distribution, microstructure, strain history and applied nor-
mal stress.

Fredlund and Rahardjo (1993) develop the force equili-
brium equations for an unsaturated soil to account for what
they consider to be four independent phases: soil, water, air
and surface tension. If the water and soil are assumed to be
incompressible, the stress-state variables are (B, — F,) and
(Py — Ppy), where P, is the air pressure. The first term is the
net normal stress on the soil matrix and the second term is the
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matric suction, or capillarity. These terms determine the
shear at failure (Fredlund and Rahardjo, 1993, equation (9.3) ):

= g o (-Pu - Rl) tan @' 5in (R\ = ‘Dp\\') tan (I)” ('5)

where 77 is the shear stress on the failure plane at failure, ¢ is
a cohesion term, and @' and ®” are constants giving the rate
of increase in shear strength with net normal stress and ma-
tric suction, respectively. @ is always greater than . When
an unsaturated soil 1s compressed, the gases will dissolve
and P, will equal F, at full saturation, leading to the single
ellective stress [or saturated soils.

The presence of matric suction in an unsaturated soil
increases the shear strength of the soil. The magnitude is
largely controlled by the microstructure, because the shape
and size of the pores control surface tension. However, il the
matric suction is caused by a decrease in I, as described
above, then the net normal stress would probably decrease
more than the increase in matric suction, thus weakening
the till (Fig 6; Fredlund and Rahardjo, 1993, section 9.3.4);
whether the till actually increases or decreases in strength is
dependent on the microstructure, grain-size distribution,
strain history and the particular change in loading. De-
creases in till saturation may be important, thercfore, in
basal dynamics and models thereof.

CONCLUSIONS

Using observations ol changes in seismic reflections from
Black Rapids Glacier presented in Nolan and Echelmeyer
(N&E), we have interpreted the basal morphology and phy-
sical mechanisms ol these seismic changes using 4-DAVO
techniques. We have tested two hypotheses for basal mor-
phology: a hard-bed model. in which a transient water layer
forms between ice and bedrock, and a sofi-bed model, in
which the properties ol a layer of till change in situw. Anitera-
tive-type inversion of the Zoeppritz equations for the
observed reflection coeflicients shows that both models have
seismically realizable solutions. Glaciologically, however,
we have ruled out the hard-bed model because the seismic
arrival-time constraints require the transient water layer to
be more than 7 m thick over an area 200 m wide by 350 m
long. Thinner water layers, although they cannot account
for the changes by themselves, could not be ruled out
because such layers may be seismically transparent at 50°
offset. Therefore, our analysis of the possible physical causes
of the seismic anomalies is focused on mechanisms that can
affect tills.

The soft-hed model predicted that a till layer at least 5 m
thick exists beneath one of the reflectors, the first direct evi-
dence for such a layer. Subsequent drilling at this location
confirmed its existence and substantiated this novel tech-
nique for determining basal morphology based on temporal
changes in reflections.

We found that changes in either of two properties of this
till layer could explain the change in the reflection coelli-
cient during the anomalies: a decrease in saturation or an
increase in effective pressure. Changes in saturation place no
limitations on initial and final wave speeds of the till (both
of which are unknown, but were constrained by a literature
review) because it is such a robust solution. A decrease in
saturation from 100% to 97% can cause a substantial
(50%) decrease in P-wave speed. Such a change would
cause a significant decrease in the reflection coeflicient,
and the magnitude of this change can satisfy our most strin-
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gent observational constraints. Smaller decreases in satura-
tion cause smaller decreases in P-wave speed, which still
satisfy our minimum constraints. On the other hand, we
found that the only mechanism by which effective pressure
could change also requires a decrease in saturation. The re-
flection coeflicient response is much more sensitive to sa-
turation than to effective pressure and we therefore
consider a decrease in saturation to be the primary cause of
the seismic anomalies,

Changes in till saturation can occur if a subglacial con-
duit system becomes over-pressurized during the jikul-
hlaups, which can then hydraulically jack the glacier off
the bed in some locations. In the areas of decreased normal
stress, the pore-water pressure within the till will decrease,
causing gas to come out of solution and decrease saturation,
Both the jacking and degassing processes can occur quickly
and reversibly, as required by the observations. This
decrease in saturation would change the shear strength of
the till there, probably decreasing it. Thus the shear strength
of large areas of the bed can be affected by changes in other,
hydraulically isolated regions of the bed, possibly resulting
in a complex feedback system controlling glacier dynamics.
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APPENDIX A
RANGE OF WAVE SPEEDS

As a first approximation, it is sometimes assumed that por-
osity is an indirect measure of the till dilation that accom-
panics  deformation, and further that wave-speed
measurements are a good indicator of porosity (e.g Blan-
kenship and others, 1987, Atre and Bentley, 1993; Smith,
1997). However, these assumptions require caution. For
example, Eberhart-Phillips and others (1989) have made a
study of seismic wave speeds in fully saturated, unconsoli-
dated ocean sediments as a function of porosity, clay content
(C') and eflective pressure. They found that clay content is as
important as porosity in determining wave speeds. This
means that spatial gradients in clay content may create
effects as large as those in porosity. Several other spatially
varying properties also affect wave speeds at this level, and
they must be considered before making morphological in-
terpretations based on wave speeds alone.

The importance of grain-size distribution on seismic
properties has long been noted (c.g. Morgan, 1969; Hamilton,
1970, 1976; Hamdi and Taylor-Smith, 198]; Marion and others,
1992). Prasad and Meissner (1992) found that Vp of unconsoli-
dated samples varied by as much as 250 m s "between differ-
ent grain-sizes and angularity. At the low effective pressures
common in subglacial conditions, Vp ranged from 1750 to
2000 ms " and from 530 to 700ms ' for fully saturated and
dry samples, respectively. Vg was found to vary little with
grain-size, and for low Fg it was found to be about 300-350
ms ' for both fully saturated and dry samples.

Clay content is especially important in determining
wave speeds. Marion and others (1992) found a peak in Vp
as clay content was experimentally increased in an uncon-
solidated sand/clay mixture. At Py = 10 MPa, they found
that Vp was 2149ms ' for pure sand and 1950 m s "for clay,
but when C was 40% by weight, the speed reached a max-
imum of 2500 ms . This effect was amplified at higher ef-
fective pressures.

These grain-size effects make comparisons between


https://doi.org/10.3189/S0022143000003117

Nolan and Echelmeyer: Transient changes beneath Black Rapids Glacier: IT

different ulls difficult, if not impossible. For example, the
wave-speed measurements of till beneath Ice Stream B
(Blankenship and others, 1987) may not apply to till beneath
Black Rapids Glacier. This is because the Antarctic till has
an unusually high clay content of >30% (Tulaczyk and
others, 1998), whereas Black Rapids Glacier till has < 7%
(personal communication from M. Truller, 1996). We also
might expect till wave speeds to vary along ice streams and
long glaciers if crosional clay content increases in the down-
stream direction, or if the type of bedrock from which the
till is derived varies spatially.

The microstructure (the shape of the grains and their
arrangement) also has a large influence on the acoustic
properties of rocks and tills. Bourbié and Zinszner (1985)
compared sandstones with nearly the same grain-size and
porosity. They found that wave speeds and attenuation in
those sandstones with thinner, flatter pores were more sensi-
tive to changes in effective pressure than those in sandstones
with round pores. The change in Vp due to a change in effec-
tive pressure from about 0.1 to 5 MPa was <30ms 'in a
sample with round pores, while it was len times larger in one
with flatter pores. At 100 kPa the P-wave speed was 5270 and
4250 ms ' for these two samples, respectively. These authors
found a stronger correlation between microstructure and
Vp than between porosity and wave speed.

This effect of microstructure is due to “squirt flow”
(Mavko and Nur, 1975; Palmer and Traviolia, 1980; Dvorkin
and Nur, 1993; Dvorkin and others, 1994, 1995). These studies
show that, at both seismic and ultrasonic frequencies, pore
fluid is temporarily squeezed out of thin, compliant pores
and into stiffer, rounder pores by a passing wave. This [uid
motion is the dominant mechanism of attenuation and
velocity dispersion, and controls the relationship hetween
effective pressure and wave speeds. Materials with many
thin pore spaces will have a higher attenuation and lower
wave speeds — particularly Vp, as the bulk modulus is influ-
enced much more than the shear modulus.

For a fixed grain-size distribution and microstructure,
there is a good correlation between porosity and wave
speed. The dotted curves in Figure 4 (labeled “Regression
Curves”) show several empirical relationships between por-
osity and Vp, most of which were measured for unconsoli-
dated ocean-floor sediments (Morgan, 1969; Hamilton,
1976; Hamdi and Taylor-Smith, 1981; Eberhart-Phillips and
others, 1989). They show the trend in relations between Vp
and ¢ at a range of effective pressures, and they loosely con-
strain a range of physically acceptable values for fully satu-
rated sand/silt mixtures. Note that decreasing porosity leads
to higher wave speeds.

Various measurements on fully saturated, unconsoli-
dated sediments and tills (regression curves in Fig. 4) indi-
cate that for ¢ = 0.25 4 0.05, Vp should be in the range 1700
2070 mss . It should be noted that many ol these studies were
done at effective pressures well in excess of those expected in
our study. At Fp = 100 kPa, the laboratory measurements of
Marion and others (1992) on saturated mixtures of sand and
clay showed a range of 1550-1750ms ' as porosity ranged
from 0.4 to 0.2, respectively. The seismic observations of Blan-
kenship and others (1987) on in situ Ice Stream B till at low
effective pressure (~40kPa; Kamb, 1991) and anomalously
high porosity (>0.32) and clay content give an estimated
Ve of 1550 £300 m s ' (our error bar).

Data on the shear wave velocity are more sparse than
those for P-waves. Hamilton (1976) reports average Vg for
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coarse sands, sand-silts and sand-silt-clays in ocean sedi-
ment samples to be 240, 430 and 390 ms ', respectively (as
corrected to (°C following Shumway, 1958); the actual range
within the sample set was [00-550 m s y Vs for Ice Stream B
till (Blankenship and others, 1987) was 145 £ 30ms ' (our
error bar); Hamilton’s (1976) summary suggests that this
low value of Vg is indicative of a high porosity and clay con-
tent, as is the case there. Prasad and Meissner (1992) report
a range for Vs of 300-600 m s ' (depending on Pyg) for a
range of single grain-size samples.

Considering the uncertainty due to grain-size, micro-
structure and porosity, we estimate the permissible range ol
Vp for a fully saturated till beneath Black Rapids Glacier to
be 1500-2100 ms ', with the central value of 1800 m s "being
the most likely. A permissible range for Vg is 150-550 m s ',
with the higher values at effective pressures near 800 kPa,
and the lower at 100kPa. It is likely that P at reflector
PPy is within 10% of overburden (1.c. 450 kPa), so we consid-
er the central value of 350 m's ' to be the most likely. For rea-
sons described in the text, the permissible range for Vg for
partially saturated sediments is the same.

As described in Appendix B, partially saturated sedi-
ments can have P-wave speeds below 500 m's ', From Figure
6, these low values of Vp do not correspond with any permis-
sible values of Vg that would yield Rpp (507) = 0. Therefore,
we consider the lower bound of partially saturated Vp to be
1000m s, corresponding to the lower bound of Vs in Figure
5. As an upper bound for partially saturated Vp, we use
1500ms '—the lower bound of the fully saturated
range — although the actual permissible range for partially
saturated Vp includes most of the fully saturated range.

APPENDIX B

SEISMIC CHANGES DUE TO SATURATION

As shown in Iigure 9a, as saturation (.S) decreases from
100% to 97%, there is a significant drop in Vp but litle
change in V5. Changes in saturation below about 97% have
only minor effects on Vp or Vg; this is the cause of a well-
known interpretative difficulty with“bright spots” in hydro-
carbon exploration: the bright spots signify the presence of
gas within the pores, but not its volumetric percentage

\

(below about 97%). An explanation for how saturation
affects wave speeds ( Murphy, 1982) can be found by examin-
ing the formulae for Vp and Vi:

Vo — (A’ +§p)
P
e
P

where K and p are the bulk and shear moduli, respectively.
In a fully saturated sample, A (the inverse of compressibility)

(B1)

is dominated by the compressibility of water (~31 x10 "
m*N ). As the saturation decreases to below 97%, K
decreases to that of the more compressible rock matrix
(<3x10 "m*N"Y and Vp decreases. As S decreases
further, the density continues to decrease; this slowly
increases Vp to that of the fully dry sample. The amount of
gas-filled pore space does not aflect y1, so there is no decrease
in V5. However, V5 has the same 5% increase due to the
decreased density as V.

This change in wave speed can be demonstrated by a
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simple experiment. Place a sealed beer bottle on a table and
tap it with a wooden spoon. Then shake it up, place it on the
table and tap it again. The decrease in pitch and tone dura-
tion after shaking is due to the change in compressibility
arising from the presence of bubbles in the liquid — in
effect, a drop in saturation. The [requency (pitch) of the
sound is equal to Vp/2L, where L is approximately the
length of the bottle. The attenuation (which controls the
duration) is proportional to Vp =, Therefore, as the wave
speed decreases, both the frequency and tone duration
decrease. This works with wine and hard liquors as well; it
is not a function of carbonation.

Hamilton (1976) reports data on coarse Ottawa sands
with parosity of about 36%. At 100 kPa, Vp dropped from
1900 to 500 ms ' from 100% to 0% saturation, respectively.
At 400 kPa, Vp dropped from 2000 to 700 m s ! Thus, in our
range of effective pressure, Vp dropped by 64-74% from the
fully saturated value.

Elliott and Wiley (1975) studied unconsolidated sands (¢
= 30%) at 700 kHz. At 7 MPa, Vp dropped from 2200 to
1280 ms '1, a 42% decrease.

Prasad and Meissner (1992) studied unconsolidated silts
and sands with fixed grain-sizes at 100 kHz. At about
200 kPa, Vp of a coarse silt/fine sand decreased from 1875 to
500ms ' going from 100% to 0% saturation. At the same
effective pressure, Vp of a medium-coarse sand decreased
from 1950 to 650ms '. These two samples bracket their
range of variation: a decrease of 67-73% from fully satu-
rated to dry conditions.

Consolidated rocks show similar but smaller changes in
Ve with saturation: Winkler and Nur (1982) studied sand-
stone (¢ = 23%) at frequencies of 500-1700 Hz. At about
100 kPa, Vp dropped from 4000 to 1600 m s when satura-
tion dropped below 97%, a 60% decrease.

Domenico (1976) studied Ottawa sandstone at about
10 MPa and 200 kHz. Vp dropped [rom 2073 to 1280 ms L
a 38% decrease.

Gregory (1976) studied sedimentary rocks (¢ =44 %)
and gabbros at | MHz. He found that saturation effects were
more pronounced at porosities less than 25%, but his curves
ol Vp vs S were significantly different than those of most re-
searchers. For example, at 100 kPa, Vp of a sandstone with ¢
= 4% decreased from 4665 to 4268 ms ' as S changed from
100% to 80%, but the decrease continued to 3506ms ' as
saturation went to zero.

There is some uncertainty in the saturation at which the
abrupt transition in Vp occurs. For example, experiments by
Murphy (1982} on sandstones indicate that most of the
change in Vp has occurred by S = 97%, while those of
Domenico (1976) indicate that the transition occurs at about
S = 90%. The discrepancy in experimental results is likely
due to the difference in frequency used in the studies (Cas-
tagna, 1993). These results show that a decrease of 25% in Vp

and zero in Vg, as illustrated in Figure 8, is a conservative
estimate il .S goes from 100% to 97% or lower.

APPENDIX C

SEISMIC CHANGES DUE TO EFFECTIVE PRES-
SURE

Changes in eftective pressure affect Vp and Vs in the same
qualitative way in unconsolidated silt, sands and clays, as
well as sedimentary and igneous rocks (Gregory, 1976
Hamilton, 1976; Hamdi and Taylor-Smith, 1981; Winkler
and Nur, 1982; Eberhart-Phillips and others, 1989; Prasad
and Meissner, 1992). When the pore space is fully saturated
with water, Vp is fairly insensitive to changes in Fug. When
partially saturated, Vp decreases with decreasing Figy. The
effects on Vg are comparatively insensitive to changes in
saturation. As described in the text, the single valued con-
cept of effective pressure (i.e. Poyp = F, — F,y) breaks down
for partially saturated media because gas pressure becomes
important. Most researchers nevertheless continue to report
wave speeds as functions of Pug = P, — P and, for better
or worse, we continue their practice here.

These effects are qualitatively shown in Figure 7b. This
figure was adapted from data of Domenico (1976) and
Hamilton (1976) on unconsolidated sands, and Winkler and
Nur (1982) on limestones. The actual relationship is strongly
affected by the grain-size distribution and microstructure,
and for the Black Rapids till we can only estimate the
change in fully and partially saturated wave speeds due to
a change in effective pressure from 100 to 800 kPa.

The data of Hamdi and Taylor-Smith (1982) are particu-
larly useful in this light (reproduced in Nolan, 1997). They
show that as P.g is increased from 96 to 772 kPa, Vp is
increased by 50-100ms ', An increase in effective pressure
from 100 to 800 kPa leads to an increase of about 200 mss 'in
Vs. These samples were saturated ocean sediments (clay to
fine sands) with relatively high porosities (¢ = 34—52%), the
porosity decreasing with increasing effective pressure.

Results on other unconsolidated samples are similar.
Hamilton (1976) reports Vp varied less than 100 m s Yin dry
sands and over 200 ms 'in brine-saturated sands, and that
Vs varied about 180 ms ' at either saturation over this range
of P Prasad and Meissner (1992) studied samples of single
grain-sizes and found that fully saturated Vp increased
about 150 ms ! as P increased by | MPa, while fully dry
Ve increased about 30ms 'MPa . V5 increased about
70ms 'MPa ' for both dry and saturated samples.

Combining these results, we estimate that an increase in
Pyt from 100 to 800 kPa will increase Vp by about 100 or 200
ms ' under fully or partially saturated conditions, respec-
tively. Vg should increase about 200 m s ' at any saturation.

MS received 10 December 1997 and accepted in revised form 10 September 1998

https://doi.ord 46:3189/50022143000003117 Published online by Cambridge University Press


https://doi.org/10.3189/S0022143000003117

